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Abstract Deep water formation in the North Atlantic and Southern Ocean is widely thought to inﬂuence
deglacial CO2 rise and climate change; here we suggest that deep water formation in the North Paciﬁc may
also play an important role. We present paired radiocarbon and boron isotope data from foraminifera from
sediment core MD02-2489 at 3640m in the North East Paciﬁc. These show a pronounced excursion during
Heinrich Stadial 1, with benthic-planktic radiocarbon offsets dropping to ~350 years, accompanied by a
decrease in benthic δ11B. We suggest that this is driven by the onset of deep convection in the North Paciﬁc,
which mixes young shallow waters to depth, old deep waters to the surface, and low-pH water from
intermediate depths into the deep ocean. This deep water formation event was likely driven by an increase in
surface salinity, due to subdued atmospheric/monsoonal freshwater ﬂux during Heinrich Stadial 1. The ability
of North Paciﬁc DeepWater (NPDW) formation to explain the excursions seen in our data is demonstrated in a
series of experiments with an intermediate complexity Earth system model. These experiments also show
that breakdown of stratiﬁcation in the North Paciﬁc leads to a rapid ~30 ppm increase in atmospheric CO2,
along with decreases in atmospheric δ13C and Δ14C, consistent with observations of the early deglaciation.
Our inference of deep water formation is based mainly on results from a single sediment core, and our boron
isotope data are unavoidably sparse in the key HS1 interval, so this hypothesis merits further testing.
However, we note that there is independent support for breakdown of stratiﬁcation in shallower waters
during this period, including a minimum in δ15N, younging in intermediate water 14C, and regional warming.
We also re-evaluate deglacial changes in North Paciﬁc productivity and carbonate preservation in light of our
new data and suggest that the regional pulse of export production observed during the Bølling-Allerød is
promoted by relatively stratiﬁed conditions, with increased light availability and a shallow, potent nutricline.
Overall, our work highlights the potential of NPDW formation to play a signiﬁcant and hitherto unrealized role
in deglacial climate change and CO2 rise.
1. Introduction
During the last deglaciation, atmospheric CO2 levels rose in a series of steps, associated with millennial-scale
shifts in global climate [EPICA, 2004; Shakun et al., 2012]. The magnitude and pacing of CO2 rise point to the
deep ocean as the dominant source of carbon [Broecker, 1982], and changes in deep water formation are
commonly invoked to explain the release of this carbon to the atmosphere [e.g., Knox and McElroy, 1984;
Sarmiento and Toggweiler, 1984; Siegenthaler and Wenk, 1984; Sigman et al., 2010; Sarnthein et al., 2013]. At the
present day, deep water formation to depths greater than 2000m takes place in the North Atlantic and
Southern Oceans, and mechanisms to explain deglacial climate and CO2 change have thus focused on these
regions [Toggweiler et al., 2006; Hain et al., 2010]. A paradigm has emerged [Denton et al., 2010] that invokes
reduced North Atlantic DeepWater formation as a mechanism for driving cold stadial periods in the Northern
Hemisphere [Sarnthein et al., 2001;McManus et al., 2004], such as Henrich Stadial 1 (HS1 ~ 19–14.7 ka) and the
Younger Dryas (YD 12.9–11.8 ka). At these times, the Southern hemisphere is observed to warm [Barker et al.,
2009; Pedro et al., 2011], and this “bipolar seesaw” of temperature change is thought to be associated with
shifts in atmospheric circulation [Fletcher and Moreno, 2011] and sea ice cover [Fischer et al., 2007]. These in
turn may cause reduced stratiﬁcation in the Southern Ocean, with increased upwelling bringing carbon-rich
RAE ET AL. ©2014. The Authors. 645
PUBLICATIONS
Paleoceanography
RESEARCH ARTICLE
10.1002/2013PA002570
Key Points:
• Deep water formed in the N Paciﬁc
during HS1 reaching 3600 m
• Driven by reduced atmospheric fresh-
water ﬂux during stadial conditions
• Model shows that N Paciﬁc deep
water can account for signiﬁcant
deglacial CO2 rise
Supporting Information:
• Text S1
• Table S1
• Figure S1
• Figure S2
• Figure S3
• Figure S4
• Figure S5
Correspondence to:
J. W. B. Rae,
jwbr@st-andrews.ac.uk
Citation:
Rae, J. W. B., M. Sarnthein, G. L. Foster,
A. Ridgwell, P. M. Grootes, and T.
Elliott (2014), Deep water formation
in the North Paciﬁc and deglacial CO2
rise, Paleoceanography, 29, 645–667,
doi:10.1002/2013PA002570.
Received 7 OCT 2013
Accepted 23 MAY 2014
Accepted article online 1 JUN 2014
Published online 27 JUN 2014
This is an open access article under the
terms of the Creative Commons
Attribution-NonCommercial-NoDerivs
License, which permits use and distri-
bution in any medium, provided the
original work is properly cited, the use is
non-commercial and no modiﬁcations
or adaptations are made.
deep waters to the surface [Anderson et al., 2009]. Given the inefﬁciency of phytoplankton productivity in the
Southern Ocean, CO2 and nutrients brought to the surface by deep mixing are not fully utilized by
photosynthesis [François et al., 1997], and CO2 may thus escape from the deep ocean to the atmosphere
[Toggweiler et al., 2006; Sigman et al., 2010].
The role of the North Paciﬁc in this deglacial chain of events has been thought to be less active than those of
its polar siblings, the North Atlantic and Southern Ocean [Haug and Sigman, 2009]. In contrast to the North
Atlantic and Southern Oceans, the North Paciﬁc does not currently form deep water, due to regional density
stratiﬁcation caused by low salinity in surface waters (Figure 1) [Warren, 1983; Emile-Geay et al., 2003; Ferreira
et al., 2010]. Although several studies have suggested that North Paciﬁc intermediate water formation
increased during glacial and stadial conditions [Kennett and Ingram, 1995; Keigwin, 1998; Matsumoto et al.,
2002; Herguera et al., 2010; Okazaki et al., 2010], it has been assumed that this did not penetrate deeper than
~2700m. Thus, while the deep North Paciﬁc has been considered an efﬁcient glacial CO2 store [Galbraith
et al., 2007], it has not previously been thought to form deep water or to play a direct role in deglacial CO2 rise
[Haug and Sigman, 2009].
We challenge this view with new data from sediment core MD02-2489 from the deep North Eastern Paciﬁc.
We use coupled measurements of the boron isotope (δ11B) and radiocarbon (14C) composition of
foraminifera to trace the chemistry of carbon in the deep North Paciﬁc and its exchange with the atmosphere
over the last deglaciation. These data are interpreted with support from an Earth system model and
compared to regional proxy data, to provide a new picture of deglacial circulation in the North Paciﬁc, and its
role in atmospheric CO2 rise.
2. Regional Setting
2.1. Circulation
The deep North Paciﬁc is ventilated, today, by derivatives of waters from the Southern Ocean andNorth Atlantic
[Reid, 1969; Broecker et al., 1998; Tomczak and Godfrey, 1994]. These waters gradually de-densify, upwell, and
recirculate southward at mid-depths of the Paciﬁc, creating a large body of old andweakly stratiﬁed deepwater
[Warren and Owens, 1988; Reid, 1997; Emile-Geay and Madec, 2008]. Local ventilation in the North Paciﬁc is
currently limited to intermediate depths (~300–800m) [Talley, 1993]. This North Paciﬁc Intermediate Water
forms through winter cooling and brine rejection in the Sea of Okhotsk [Talley, 1991; Yasuda et al., 2002;
Shcherbina et al., 2003], and perhaps also the Alaskan Gyre [Van Scoy et al., 1991], with further modiﬁcation by
subsurface mixing in the Kurile Islands and Kuroshio and Oyashio currents [Talley, 1997]. The density (and hence
depth penetration) of these locally ventilated waters is strongly limited by low sea surface salinity in the
subpolar gyre [Warren, 1983]. Although the surface of the northern North Paciﬁc cools to near freezing in the
Winter, salinity is only 32.8, signiﬁcantly lower than underlying deep water salinities of 34.6 (c.f. equivalent
values of 34.7 and 34.9 in the northern North Atlantic; Figure 1a) [Emile-Geay et al., 2003].
The causes of the subpolar North Paciﬁc salinity minimum, and associated stratiﬁcation, are thoroughly
reviewed by Warren [1983] and Emile-Geay et al. [2003], who highlight the local excess of precipitation over
evaporation, combined with minimal exchange of subpolar waters with the relatively salty subtropical gyre.
This local precipitation occurs mainly in the Westerly storm track, which transfers water vapor from low
latitudes and the East Asian Monsoon region to the subpolar gyre [Emile-Geay et al., 2003]. Other freshwater
inputs include monsoonal run-off [Wang et al., 2005] and transfer in the trade winds of moisture evaporated
from the Atlantic [Broecker et al., 1985]. Theminimal exchange of water between the subtropical and subpolar
gyres is a function of the relatively zonal wind stress in the North Paciﬁc, and the lack of large-scale
overturning circulation [Emile-Geay et al., 2003; Stommel, 1961]. Although some aspects of Paciﬁc freshness
are related to basin geometry [Ferreira et al., 2010; Nilsson et al., 2013] and will thus remain constant on
glacial-interglacial timescales, the inﬂuences of major rain belts and cross-gyre exchange have the potential
to change dynamically, and may thus drive signiﬁcant changes in sea surface salinity and deep water
formation in the past [e.g., Boyle and Keigwin, 1987; Okazaki et al., 2010].
2.2. Biogeochemistry
The subpolar North Paciﬁc surface is a High Nutrient Low Chlorophyll zone, with abundant major nutrients
that are not efﬁciently used by phytoplankon. Major nutrients are supplied to the surface by intense winter
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cyclones, alongside extensive
upwelling driven by cyclonic wind
stress curl in the subpolar gyre and
tidal mixing in the Kurile Island chain
[Nakamura et al., 2000; Sarmiento et al.,
2004; Tsunogai, 2002; Key et al., 2004].
Given the abundance of major
nutrients in this region, phytoplankton
productivity is limited by light and
minor nutrients, such as iron [Boyd
et al., 2007].
At intermediate depths, North Paciﬁc
biogeochemistry is characterized by an
extensive oxygen minimum zone.
These waters also have extremely low
pH, due to remineralization of organic
carbon into dissolved inorganic carbon
(DIC) (Figures 1 and S1). Below depths
of ~1800m, pH increases due to
remineralization of CaCO3, which
occurs deeper in the water column
than organic carbon, and provides a
source of alkalinity to deep waters
(Figure S1).
Radiocarbon has a notably different
proﬁle than pH, being predominantly
controlled by ventilation age, with
minimal inﬂuence from
remineralization. As a result, depths of
~200–500m have relatively young
radiocarbon ages but extremely low
pH. In contrast, at the depth of the
sediment core described in this study
(3640m), radiocarbon ages are among
the oldest in the water column,
whereas pH is signiﬁcantly higher than
that at intermediate depths (Figure 1).
3. Methods
Sediment core MD02-2489 was raised
from 3640m on the Patten Seamount
off the Alaskan Margin at 54.39° N,
148.92° W (Figure 1). Its
sedimentology is thoroughly
described by Gebhardt et al. (2008;
their supplementary Figure 2) and
shows no notable disturbance
(slumping, burrowing, etc.) during
the deglaciation, though there is
some evidence of coring disturbance
in the top 50 cm of the core, which prevented us from making core-top measurements. The high
sedimentation rate (~20 cm/kyr) and availability of epifaunal benthic foraminifera in MD02-2489 are rare
Figure 1. Modern North Paciﬁc circulation and biogeochemistry [Schlitzer,
2004]. (a) Annual average sea surface salinity from the WOA09 database
[Antonov et al., 2010]. The location of our core MD02-2489, 54.39°N, 148.92°
W, 3640m is shown with a red star, ODP 887 (54.37°N, 148.45°W, 3647m)
[Galbraith et al., 2007] with an orange diamond, W8709A-13PC (42.1°N,
125.8°W, 2710m) [Lund et al., 2011a, 2011b] with a white triangle, and the
Okazaki et al. [2010] NW Paciﬁc compilation with green circles. Note that
the symbols for MD02-2489 and ODP 887 should plot on top of one
another, and so have been separated for legibility. White arrows indicate
input of freshwater to the North Paciﬁc from the Westerly storm track, the
tropical Atlantic, and rivers and precipitation fed by the East Asian
Monsoon [Emile-Geay et al., 2003]. Black arrows indicate average modern
circulation patterns [Tomczak and Godfrey, 1994]. Input of freshwater from
the atmosphere, combined with the relative isolation of the subpolar gyre,
gives low sea surface salinity in the North Paciﬁc, and creates stratiﬁed
conditions. (b) Water column δ11B of B(OH)4
, calculated from GLODAP
carbonate system data [Key et al., 2004], using αB of 27.2‰ [Klochko et al.,
2006], δ11BSW of 39.61‰ [Foster et al., 2010], [B]T of 432.6μmol/kg [Lee
et al., 2010], and CO2SYS.m [van Heuven et al., 2009], with parameters as
recommended by Dickson et al. [2007]. This property follows pH and is
recorded by benthic foraminifera [Rae et al., 2011]; see also Figure S1. (c)
Water column Δ14C from GLODAP, with no correction for bomb radiocar-
bon. Sections are averaged from 150°W to 170°W, and black arrows indi-
cate modern overturning circulation. Proﬁles in Figures 1d and 1e show
water column data in the region of our core site, from 135°W to 160°W and
40°N to 60°N. Note that our core site (red star) is bathed by some of the
most 14C-depleted (low Δ14C) waters in the ocean (c and e) and underlies
an extensive region of low δ11B of B(OH)4
 (low pH) at intermediate
depths (b and d). Local convective mixing during deep water formation
(schematic arrows in Figures 1d and 1e) would thus work to bring young,
low pH waters to the depth of our core.
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attributes in cores of this depth in the North Paciﬁc and make MD02-2489 particularly well-suited to
this study.
3.1. Age Control
In this study we establish a new age model for MD02-2489 based on correlation of high-resolution
(2 cm sample spacing) δ18O from planktic foraminifera [Gebhardt et al., 2008] to δ18O from the NGRIP ice core
[NGRIPmembers, 2004; Johnsen et al., 1997] on the GICC05 timescale [Rasmussen et al., 2006; Andersen et al.,
2006; Svensson et al., 2006] and δ18O from Hulu Cave speleothem records [Wang et al., 2001; Southon et al.,
2012; Wu et al., 2009] (Figure S2 and Table S1). The δ18O features in our data and reference records may be
related by: (1) a salinity link between the East Asian Monsoon and North Paciﬁc surface waters [Wang et al.,
1999]; (2) a temperature link between Greenland and the North Paciﬁc [Hendy and Kennett, 2000; Kiefer et al.,
2001; Shen et al., 2010]; and/or (3) a North Paciﬁc source of precipitation at NGRIP, especially under glacial
conditions [Kiefer et al., 2002; Langen and Vinther, 2009]. We note that correlation to either the speleothem or
the ice core reference records produces a very similar chronology for our core, and that the removal of either
record, or any individual tie point, would have little effect on our agemodel. The youngest portion of our core
(13–6 ka) lacks distinct tie points. We thus use conventional radiocarbon dating in this interval, with the
Marine09 curve from IntCal09 [Reimer et al., 2009], and a reservoir age of 850 ± 100 years for the shallow
subsurface habitat of Neogloboquadrina pachyderma (s.) [Southon and Fedje, 2003; Hutchinson et al., 2004; Key
et al., 2004]. This approach is less risky in this interval than for the early deglacial, as deep ocean and
atmospheric 14C values are, by this time, much less disparate [Robinson et al., 2005; Skinner et al., 2010; Burke
and Robinson, 2012], so changes in ocean circulation are less likely to signiﬁcantly alter reservoir ages
[Southon and Fedje, 2003; Hutchinson et al., 2004].
Age control in MD02-2489 has previously been established using planktic 14C plateau tuning (a technique
described by Sarnthein et al. [2007]) by Gebhardt et al. [2008], and this has been recently updated by Sarnthein
et al. [2013] (Figure S3 and Table S2). Good agreement is seen between these independent approaches, both
of which place the major excursion in our benthic-planktic 14C offsets during early HS1 (Figure S3).
Furthermore, many of our conclusions can be reached in “depth” space by comparing multiproxy data within
our core MD02-2489 (Figure 2). Thus, choice of age model does not change the main conclusions of
our study.
We also present an updated age model for ODP 887, which is adjacent to our core site. ODP 887’s original
deglacial age model [Galbraith et al., 2007] was based on conventional radiocarbon dating, assuming a
reservoir age of 950 ± 200 years throughout the deglaciation; these age control points were then shifted
within their uncertainties to give smooth variations in sedimentation rate. We have updated ODP 887’s
age model for the early deglaciation, based on ties between % CaCO3 data at this site and in our adjacent
core MD02-2489 (Figure S4, Table S3). This approach is supported by the close proximity of our sites:
MD02-2489 is at 54.39°N, 148.92°W, 3640m and ODP 887 is at 54.37°N, 148.45°W, 3647m (see Figure 1).
We note that this revised age model gives excellent agreement between % organic carbon records and
planktic radiocarbon data (Figure S4) and gives smoother variations in ODP 887’s sedimentation rate than
in the published age model [Galbraith et al., 2007]. Furthermore, these tie points remain within the 2σ
uncertainties of the published age control points. For the LGM and late deglacial portions of ODP887, we
use conventional 14C dating, as these intervals lack distinct tie points. We use the Marine09 curve from
IntCal09 [Reimer et al., 2009], with a reservoir age of 1800 ± 250 years in the LGM, as constrained by
reservoir ages in our core, and reservoir ages of 850 ± 100 years in the late deglacial, as used in our core
during the late deglacial and Holocene. Note that, irrespective of the absolute chronology, our approach
serves to synchronize these two cores.
3.2. Proxy Background and Analysis
3.2.1. Radiocarbon
The radiocarbon content of dissolved inorganic carbon (DIC) in seawater reﬂects the exchange of CO2 at the
ocean’s surface with the atmosphere, and the subsequent radioactive decay of 14C as deep water circulates
within the ocean’s interior. Radiocarbon content may be expressed as a 14C age, or in Δ14C units, which gives
the 14C/12C ratio of a sample relative to a standard, and corrected for mass-dependent isotope fractionation
and decay since time of sample formation. Planktic foraminifera record the 14C content of waters in their
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surface (or shallow subsurface) habitat, which reﬂects the balance between CO2 exchange with the
atmosphere, and upwelling of 14C-depleted waters from below. Benthic foraminifera record the 14C content
of ambient deep waters, a function of the time since that water left the surface ocean. A reduced 14C offset
between benthic and planktic foraminifera may thus act as a sensitive tracer of local deep water formation.
Radiocarbon ventilation ages (or reservoir ages) are given here as the difference in 14C age between
foraminifera and the contemporaneous atmosphere (the 14C content of which changes over time). We use
the atmospheric 14C compilation of IntCal09 [Reimer et al., 2009], spliced with the Hulu Cave 14C record for the
15–26 ka interval [Southon et al., 2012]; reservoir ages associated with the plateau-tuned age model use the
Lake Suigetsu 14C record [Ramsey et al., 2012]. Note that the foraminiferal 14C reservoir ages given here are not
equivalent to the true ventilation age of a parcel of water, as they are not calculated via the decay trajectory of
14C [Adkins and Boyle, 1997], and because surface waters, when subducted, have a non-zero radiocarbon age.
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Figure 2. Proxy data from sediment core MD02-2489 plotted versus core depth [Gebhardt et al., 2008] (and this study). Data
include: (a) δ18O of benthic and planktic foraminifera; (b) biogenic opal content; (c) chlorophyll pigment content; (d) 14C age of
benthic and planktic foraminifera; (e) benthic-planktic 14C offsets; and (f) δ11B of benthic foraminifera with 2 SD error bars.
Rough stratigraphic indicators are given at the top of the ﬁgure, with abbreviations: LGM is Last Glacial Maximum (~21–19 ka),
HS1 is Heinrich Stadial 1 (~19–14.7 ka), BA is Bølling-Allerød (14.7-12.9 ka), and YD is Younger Dryas (12.9–11.8 ka). Using δ18O,
the BA productivity spike [Kohfeld and Chase, 2011] and raw planktic 14C ages to provide a rough measure of stratigraphy,
we observe an excursion to low pH and a minimum in benthic-planktic 14C offset during the early deglaciation, around HS1,
and a second low-pH event later in the deglaciation, around the YD. The broad symbol in the δ11B record indicates the
wide temporal extent of this sample; all other samples span a similar temporal extent to the symbols.
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Radiocarbon measurements were made on planktic foraminifera (N. pachyderma (s.)) and mixed benthic
foraminifera (avoiding deep-dwelling infaunal species) [Magana et al., 2010] by Accelerator Mass
Spectrometry (AMS), on graphite targets of foraminiferal carbonate. Given the sedimentation rate
(~20 cm/kyr) and depth (3640m) of MD02-2489, which results in low ﬂux rates of particulate organic matter,
mixing of 14C signals by bioturbation is unlikely to be a signiﬁcant issue [Trauth et al., 1997]. Benthic 14C
analyses were therefore made throughout the core, rather than limiting samples to benthic abundance peaks
[see Keigwin, 2004]. Radiocarbon uncertainties are given at 1SE, in keeping with 14C convention. Analytical
uncertainties are around 30 14C years in the late Holocene, increasing to ~100 14C years at the LGM. Δ14C error
ellipses are based on a Monte Carlo simulation that combines age and analytical uncertainties and are
typically ~70‰. The typical age range of tied features in our planktic δ18O data and the reference ice core and
speleothem records is of the order 200 calendar years; we thus use a calendar age uncertainty of 100 years
(1 SD) for calculating uncertainty ellipses. Benthic-planktic uncertainties are based on the quadratic addition
of analytical uncertainties in benthic and planktic 14C, and are around 60 14C years in the late Holocene, and
150 14C years at the LGM (and see also Sarnthein et al. [2013]).
3.2.2. Boron Isotopes
The systematics of boron isotopes in benthic foraminifera are thoroughly described in Rae et al. [2011]. In brief,
the boron isotope composition (expressed in δ11B notation relative to NIST 951 standard) [Catanzaro et al., 1970]
of epifaunal benthic foraminifera of the genus Cibicidoides has been shown to record the boron isotope
composition of the borate ion (B(OH)4
) in seawater. As δ11B of B(OH)4
 is a function of seawater pH, Cibicidoides
δ11B may be used to trace changes in the carbonate chemistry of bottom water at our core site (Figure S1).
Boron isotope analyses were made on samples of 9–25 (0.2–1.3mg) oxidatively cleaned Cibicidoides wuellerstorﬁ
var. by Multi-Collector Inductively Coupled Plasma Mass Spectrometry [Foster, 2008; Rae et al., 2011; Foster
et al., 2013]. Uncertainty is reported at 95% conﬁdence (2 SD) based on the relationship determined between
sample size and long-term reproducibility, and in this data set is typically ~0.3‰ (equivalent to ~0.03 pH
units) [Rae et al., 2011]. Samples for boron isotopes were typically picked from sediment core samples
spanning 1 or 2 cm. However to obtain enough foraminifera, the sample centered at 200.5 cm uses material
from 189 to 212 cm, and so is plotted with a broad symbol that spans this range.
To calculate pH from our δ11B data, we use the fractionation factor (αB) of 27.2‰ [Klochko et al., 2006] and
δ11Bsw of 39.61‰ [Foster et al., 2010], and assume temperature, salinity, and pressure at our core site of 0 °C, 35,
and 3600dbar, respectively (which gives pKB of 8.71) [Dickson, 1990; Rae et al., 2011]. Note that likely changes to
these parameters over the deglaciation at our site have little inﬂuence on the δ11B to pH conversion (<0.025 pH
units), so our record is driven, primarily, by changes in DIC and alkalinity (see Supplementary Information). Core
disturbance prevented us from making core-top δ11B measurements, so we assume that the C. wuellerstorﬁ at
this site accurately record bottom water δ11B of B(OH)4
 (and thus pH) within analytical uncertainty of ~0.3‰
(equivalent to ~0.03 pH units), as shown in other regions [Rae et al., 2011].
3.4. Earth System Modeling
3.4.1. Model Description
We ran a set of sensitivity tests with the GENIE Earth system model [Cao et al., 2009] to examine the effect of
changes in North Paciﬁc circulation on pH and radiocarbon at our site, and atmospheric CO2, δ
13C, and Δ14C.
GENIE consists of a three-dimensional non-eddy-resolving frictional geostrophic ocean circulation model,
two-dimensional sea ice, and energy moisture balance atmospheric models, and incorporates
representations of the marine geochemical cycling of carbon and other biologically mediated tracers
[Ridgwell et al., 2007]. We use a 36× 36 equal-area horizontal resolution and 16 vertical levels, with the same
physics and ocean carbon cycle conﬁguration as described and evaluated in Cao et al. [2009], except with the
addition of an additional iron limitation control on marine productivity [Annan and Hargreaves, 2010].
Although GENIE is a low ocean resolution model of intermediate complexity, it is able to successfully capture
many of the large-scale features of biogeochemical cycling in the modern ocean, including simulating
inventories of anthropogenic CO2 and CFCs consistent with observations [Cao et al., 2009]. Crucially for this
study, GENIE simulates present-day pH and Δ14C distributions in the North Paciﬁc that are in close agreement
with observations. Our experiments run under pre-industrial boundary conditions start from the end of a
20,000 year equilibrium spin-up carried out with a prescribed atmospheric pCO2 value of 278 ppm, δ
13C of
6.50‰, and Δ14C of 0‰.
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3.4.2. Experimental Design
We ran a series of salinity-addition (“anti-hosing”) experiments for the surface North Paciﬁc to explore the
geochemical consequences of deep water formation. These experiments are conceptually similar, but in an
opposite sense, to the widely usedmethodology of freshwater hosing in the North Atlantic to simulate reduced
North Atlantic Deep Water formation [Rahmstorf et al., 2005; Liu et al., 2009]. Given the relatively low resolution
and idealized convection scheme of GENIE, we do not aim to constrain the magnitude or location of salinity
forcing required to cause North Paciﬁc Deep Water (NPDW) formation (though we note that NPDW formation
has been shown to increase in response to Atlantic freshwater forcing in a variety ofmore sophisticatedmodels)
[Krebs and Timmermann, 2007; Okazaki et al., 2010; Hu et al., 2012]. Rather, our experiments explore the effect of
stratiﬁcation breakdown on deep water 14C and pH, and atmospheric CO2, and use a wide range of forcing
styles and boundary conditions to test the robustness of these results. Atmospheric 14C production is diagnosed
consistent with the model spin-up and held constant throughout our perturbation simulations.
3.4.3. Salinity Forcing
Although several lines of evidence suggest that freshwater input to the surface of the North Paciﬁc was reduced
during HS1 and the YD (section 3.3), there are considerable uncertainties in the spatial pattern and intensity of
these changes. Therefore, rather than trying to match any particular record, we simply add salinity
instantaneously to the surface of the North Paciﬁc, and run sensitivity tests with a variety of spatial patterns and
magnitudes of salinity addition. These include salinity addition at a single grid cell in the east, west or middle of
the North Paciﬁc; as a uniform addition to every North Paciﬁc cell north of 51°N; and in a pattern constrained by
precipitation minus evaporation (P-E) and/or salinity changes seen in general circulation model (GCM)
experiments that mimic Heinrich events in the North Atlantic [Okazaki et al., 2010; Krebs and Timmermann, 2007;
Eisenman et al., 2009]; these tend to focus the net rainfall or salinity anomaly in the NE Paciﬁc. For each spatial
pattern, we test magnitudes of salinity forcing equivalent to 0.1, 0.3, 0.5, and 0.7 Sv, similar to the
magnitudes of freshwater forcing commonly used in North Atlantic hosing experiments [Rahmstorf et al., 2005].
3.4.4. Glacial Boundary Conditions
In addition to running anti-hosing experiments under modern boundary conditions, we also test the effect of
glacial-like boundary conditions on our model results. To nudge the GENIE model into a more glacial climate
state, we reduced the radiative forcing consistent with concentrations of the major greenhouse gases
(CO2, CH4, and N2O of 191 ppm, 350 ppb, and 216 ppb, respectively) [Monnin et al., 2001; Loulergue et al., 2008;
Schilt et al., 2010]. In addition, we increased the zonally averaged planetary albedo proﬁle in the Northern
Hemisphere (this version of GENIE, in not including a land surface scheme, can only account for albedo in
terms of a ﬁxed net planetary proﬁle plus the effect of sea ice [Edwards and Marsh, 2005]) and increased
average ocean salinity by ~1 PSU.
Some studies have suggested that intermediate depths of the North Paciﬁc were better ventilated during the
LGM or early HS1 than at present [Keigwin, 1998; Duplessy et al., 1988; Matsumoto et al., 2002; Herguera et al.,
2010; Okazaki et al., 2010; Jaccard and Galbraith, 2011], and thus we run a batch of salinity-forcing
experiments using a base state with enhanced North Paciﬁc Intermediate Water. We simulate this base state
by reducing the prescribed transfer of freshwater from the Atlantic to the Paciﬁc, which in the default model
implicitly accounts for the net moisture transport between these basins [Edwards and Marsh, 2005; Marsh
et al., 2004]. Reducing the freshwater transfer from 0.73 to 0.57 Sv results in a shoaling of NADW in the
Atlantic Ocean (as seen in the reconstructions of Curry and Oppo [2005], Sarnthein et al. [2001], and Lynch-
Stieglitz et al. [2007]) and an increase in intermediate water ventilation in the North Paciﬁc.
We also run experiments under a glacial base state characterized by increased deep ocean stratiﬁcation
driven by saltier Antarctic-formed deep waters [Adkins et al., 2002; McCave et al., 2008; Lund et al., 2011a,
2011b]. To simulate this base state, we enhance “brine rejection” in the Southern Ocean, by increasing the
efﬁciency with which sea ice formation transfers salinity to the deep ocean (similar to the approach of Bouttes
et al. [2010]). This results in an expanded volume of saltier southern-sourced water in the Atlantic and Paciﬁc
and a shoaling of NADW in the Atlantic Ocean.
4. Results
At the end of the last glacial maximum (LGM), our benthic 14C data are offset below the contemporaneous
atmosphere by ~460‰ or ~3400 years (Figures 3 and 4, S5). This offset is much greater than for modern
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deep water at this site (~230‰ or ~2160 years, Figure 1c) [Key et al., 2004], indicating signiﬁcant isolation
of DIC from the atmosphere during the LGM. Our glacial δ11B data have values around 15.7‰ (Figure 3),
indicating a pH of ~7.9. As water column carbonate system data (Figure 1b) [Key et al., 2004] give δ11B of B
(OH)4
 of ~14.9‰ (Figure 1) or pH of ~7.75, our benthic δ11B data suggest that the pH of the deep glacial
North Paciﬁc was ~0.15 higher than modern.
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Figure 3. Deglacial radiocarbon and benthic δ11B data. (a) Atmospheric CO2 from the Dome C ice core (ﬁlled symbols from
Monnin et al. [2001], open from Lourantou et al. [2010]), synchronized to the GICC05 timescale [Lemieux-Dudon et al., 2010].
(b) Atmospheric Δ14C from the IntCal09 compilation (yellow line) [Reimer et al., 2009] and Hulu Cave H82 speleothem
(orange line and crosses) [Southon et al., 2012], along with benthic foraminiferal Δ14C from core MD02-2489 (ﬁlled red stars
and line; this study) and from adjacent core ODP 887 (open yellow diamonds) [Galbraith et al., 2007] with 1 SE uncertainties.
All ODP 887 14C data are plotted on the age model in Figure S4. (c) 14C age difference between benthic and planktic for-
aminifera from core MD02-2489 (ﬁlled red stars and line; this study) and from adjacent core ODP 887 (open orange dia-
monds) [Galbraith et al., 2007] with 1 SE error bars. (d) Boron isotope data from benthic foraminifera from core MD02-2489
with 2 SD error bars. The broad symbol in the δ11B record indicates the wide temporal extent of this sample; all other
samples span a similar temporal extent to the symbols. Vertical lines and bars denote divisions of deglacial climate and CO2
change. Horizontal grey bars at the top denote periods of reduced freshwater input to the Paciﬁc from the tropical Atlantic
[Leduc et al., 2007], the Westerly storm track [Asmerom et al., 2010; McGee et al., 2012], and the East Asian Monsoon [Wang
et al., 2001], based on the records in Figure 4. During mid HS1, there is a pronounced excursion in benthic Δ14C and
benthic-planktic 14C, and a minima in δ11B, contemporaneous with low freshwater input and atmospheric CO2 rise.
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The key feature of our records occurs during the middle of Heinrich Stadial 1 (HS1) between ~17.3 and
16.0 ka. At this time, our benthic-planktic 14C offsets drop from ~1750 to ~350 14C years, due to a
simultaneous younging in deep waters and an increase in surface reservoir age (Figures 2–4). Our δ11B record
shows a negative excursion of ~0.6‰ at this time, equating to a decrease in pH of ~0.075 units, though note
that δ11B data resolution is low in this interval.
Following the mid-HS1 event, benthic-planktic 14C offsets and δ11B increase toward pre-excursion values.
Then, during the Bølling-Allerød (BA 14.7–12.7 ka), benthic-planktic 14C offsets decrease again, but in contrast
to mid HS1, δ11B data show little change. δ11B displays another excursion to lower pH values during the
Younger Dryas, but in contrast to HS1, 14C remains relatively constant in this interval (Figure 3).
5. Discussion
5.1. Glacial and Deglacial Changes in Ventilation and Carbonate Chemistry
5.1.1. Deep Ocean Carbon Storage at the LGM
Hypotheses for lowering atmospheric CO2 during glacial periods typically invoke increased DIC storage in
the deep ocean and have often suggested the deep North Paciﬁc as a likely store for this carbon [e.g.,
Jaccard et al., 2009]. This is supported by our benthic 14C data, which have benthic-atmosphere 14C ages
among the oldest yet found in the deep ocean at the LGM [Galbraith et al., 2007; Skinner et al., 2010;
Sarnthein, 2011]. These poorly ventilated deep waters would have accumulated DIC that was isolated from
the atmosphere [Sarnthein et al., 2013], acting as an effective carbon store. The elevated pH at the LGM,
implied by the comparison of our δ11B data to modern water column values, suggests that any such
increase in DIC storage in the deep North Paciﬁc must have been buffered by a greater increase in
alkalinity (Figure S1), consistent with regionally enhanced preservation of CaCO3 [Gebhardt et al., 2008;
Anderson et al., 2008]. Mechanisms that could lead to increased deep Paciﬁc alkalinity include a carbonate
compensation response to shoaling of North Atlantic deep water [Broecker and Peng, 1987], increased
trapping of deeply remineralized CaCO3 in a more stratiﬁed deep ocean [Hain et al., 2010], or a decrease in
the rain rate ratio of CaCO3 to organic carbon due to changes in productivity [Archer and Maier-Reimer,
1994]. As the North Paciﬁc lies at the end of the global overturning circulation [Talley, 2013], the operation of
any of these processes in upstream regions would be felt at our site. Note that, even though the glacial deep
North Paciﬁc had higher pH and thus likely had lower [CO2] than modern, these waters may still act as an
effective carbon reservoir that contributed to low atmospheric pCO2. The key point in this regard is that
waters likely held higher DIC, rather than the particular form (CO2, HCO3
, or CO3
2) in which this
DIC existed.
5.1.2. Deep Water Formation During HS1
The major feature of our combined 14C and δ11B data set is the rapid excursion to young benthic radiocarbon
ages and low pH during HS1 (Figures 2 and 3). We suggest that these excursions are best explained by a
millennial-scale deep water formation event in the North Paciﬁc. Our key evidence is the dramatic decrease in
benthic-planktic 14C offsets (Figures 2 and 3), which is readily explained by the onset of convective mixing
between surface and deep waters. This will drive a younging in deep waters, as young surface waters are
brought to depth, and an increase in surface reservoir ages, as older deep waters are mixed to the surface
(Figure 1e). We note that in the modern ocean, deep to surface water offsets as small as ~350 14C years (as
seen in our record) are only found near sites of deep water formation in the North Atlantic and Southern
Ocean [Key et al., 2004].
Initiation of deep convection may also explain the low-pH excursion seen in δ11B (see supporting information
for further discussion of interpretation of δ11B data). Although, in the modern ocean, newly ventilated deep
water is typically associated with relatively high pH, this would not be expected upon initiation of deep water
formation in a previously stratiﬁed basin. Figure 1 shows that our core site underlies a large body of water at
intermediate depth (~200–2000m) with extremely low pH, derived from remineralization of organic carbon,
and maintained by minimal mixing with higher pH waters above and below. Initiation of deep convective
mixing in the North Paciﬁc would entrain the low pH signature of this water to the depth of our core site
(Figure 1d). This process is also supported by benthic δ13C data [Gebhardt et al., 2008] from the same core
(Figure 4), which show a pronounced decrease at the start of this interval, and then climb to higher values
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during the deep water formation event.
This is consistent with mixing to depth of
low-δ13C intermediate waters rich in
remineralized carbon, which are
gradually replaced by high-δ13C
surface waters.
Although modern waters at our site are
ventilated by derivatives of Southern
Ocean waters [Reid, 1969; Broecker et al.,
1998], we rule out that these data reﬂect
circulation changes originating in the
Southern Ocean: the 14C excursion in the
deep North Paciﬁc precedes the major
changes in Southern Ocean 14C by
~1500years, attains values ~2200 14C years
younger than those at similar depths in the
Southern Ocean [Skinner et al., 2010], and
shows a return to old 14C values at 16.0ka
not observed in deep Southern Ocean 14C
records [Burke and Robinson, 2012].
The deep water formation event we
infer is pronounced, but short lived.
After 16 ka, we observe a return to pre-
excursion benthic-planktic 14C values,
and an increase in δ11B (Figure 3),
suggesting a return to more stratiﬁed
conditions. The rapid increase in
benthic 14C age we observe is too quick
to be caused by 14C radioactive decay
and must result from re-penetration of
old deep waters, likely from the South
and East Paciﬁc, to our core site.
Benthic-planktic 14C offsets decrease
again during the BA but do not reach
values as low as in HS1, and δ11B
remains relatively high and stable
(Figure 3). As this BA 14C shift lags
similar changes in the Southern Ocean
[Skinner et al., 2010; Burke and Robinson,
2012], and intermediate depth 14C and
redox records indicate stratiﬁed
conditions in the upper water column
[Kennett and Ingram, 1995;Okazaki et al.,
2010; Hendy and Pedersen, 2005]
(Figure 4), we attribute this second
younging to a rejuvenation in far-ﬁeld
ventilation rather than local vertical
mixing, in agreement with previous
studies [Galbraith et al., 2007].
Although the YD shows a similar boron
isotope excursion to that in HS1, the
available benthic 14C data show little
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Figure 4. Supporting evidence for North Paciﬁc deep water formation
during HS1. (a) Ice core δ18O from the NGRIP site in North Greenland
(black) [NGRIPmembers, 2004] and the GISP2 site in central Greenland
(blue) [Stuiver and Grootes, 2000]. Thin lines show 20 year resolution data,
and bold lines show ﬁve-point running means. Both records are shown on
theGICC05 age scale [Rasmussen et al., 2008], and the NGRIP record has been
offset by2 %o for legibility. (b) δ18O of planktic foraminifera from our core
MD02-2489 [Gebhardt et al., 2008]. (c) δ15N data from ODP 887 [Galbraith
et al., 2008], shown on the age model in Figure S4. (d) Radiocarbon age dif-
ference between regional foraminiferal 14C records and the contempora-
neous atmosphere [Reimer et al., 2009; Southon et al., 2012]. Records include:
benthic 14C (red stars) and planktic 14C (yellow stars) from MD02-2489 (this
study); benthic 14C from ODP 887 (open diamonds) [Galbraith et al., 2007];
and benthic 14C from the compilation of Okazaki et al. [2010] from inter-
mediate depths of the NW Paciﬁc. The green dashed line is a three-point
running mean to the Okazaki et al. [2010] compilation. (e) δ13C of benthic
foraminifera from MD02-2489 [Gebhardt et al., 2008].
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change. The YD δ11B excursion may thus reﬂect a similar mixing event to that inferred during HS1, but with a
reduced deep ocean to atmosphere 14C gradient (and hence less impact on deep water 14C) or a spatially
different pattern of mixing (see Figure ). Alternatively, changes taking place in the Southern Ocean at this time
may be inﬂuencing our YD δ11B and 14C data [Skinner et al., 2010; Burke and Robinson, 2012]. Currently, we
cannot distinguish between these scenarios, so we focus the remainder of our discussion on the better
constrained HS1 event.
5.2. NPDW Formation in an Earth System Model
We test our hypothesis that the 14C and δ11B excursions during HS1 may be explained by deep water
formation in the North Paciﬁc using the GENIE Earth systemmodel. Upon adding salinity to the surface of the
North Paciﬁc, we see an increase in the depth and intensity of local deep water formation, with greater
magnitudes of salinity addition giving more intense and deeper convection more rapidly. North Paciﬁc deep
water formation causes a dramatic increase in Δ14C in the deep NE Paciﬁc in our model, as observed in our
benthic 14C data (Figures 5 and 6). This young water spreads south as a deep western boundary current, while
a)
c)
b)
Figure 5. Summary of results from a simulation of deep convection in the North Paciﬁc using the GENIE Earth system
model. Changes seen in (a) pH and (b) Δ14C after 500 years of salinity addition to the surface of the North Paciﬁc are
displayed as cross sections at the longitude of MD02-2489; the changes observed during HS1 in our δ11B (pH) and Δ14C
data are indicated by the shading of the star. Note the decrease in pH and increase in Δ14C at the depth of our core, which
results from mixing with low-pH and high-Δ14C waters from above. This experiment started from a modern base state and
was forced by salinity addition from a point source in the middle of the North Paciﬁc, equivalent to the removal of 0.5 Sv of
freshwater (1Sv = 106m3s1). (c) Time series of model results (thin lines) and data (bold lines and symbols) for atmospheric
CO2 [Monnin et al., 2001; Lourantou et al., 2010; Lemieux-Dudon et al., 2010], atmospheric δ
13C [Schmitt et al., 2012],
atmospheric Δ14C [Southon et al., 2012], deep-surface ocean 14C age difference, and deep ocean pH at our core site, along
with the temporal evolution of the salinity forcing. Different lines refer to experiments with different model base states:
m=modern (Figure 6c), v = better ventilated North Paciﬁc intermediate water and reduced NADW formation (Figure 6f),
b = saltier abyssal waters due to increased Southern Ocean brine rejection (Figure 6g). Bold line in δ13C CO2 plot is the
published Monte Carlo ﬁt to the data [Schmitt et al., 2012].
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waters further south and east stay relatively old (Figure 6, bottom panel). Shallower in the water column,
there is a slight decrease in Δ14C, due to upwelling of old deep waters and a decrease in atmospheric Δ14C.
The largest Δ14C changes at our core site are seen in the experiments where deep water formation occurs
nearby (e.g., Figure 6a), or in the experiments where salinity is spread over a larger area (e.g., Figure 6e), which
more thoroughly mixes young waters into the deep ocean.
North Paciﬁc deep water formation also drives a decrease in deep NE Paciﬁc pH in our model, as seen in our
δ11B data (Figures 5 and 6). The pattern of pH change in the model is consistent with vertical mixing of the
water column as illustrated in Figure 1d, with initially low-pH intermediate waters showing a pronounced
increase in pH, and initially high-pH deep waters showing a decrease in pH. Experiments using a dye tracer
conﬁrm that the pH decrease at the depth of our core site is a result of mixing with low-pH waters from
intermediate depths. However, we note that the pH decrease is transient, because continued mixing of
relatively high-pH waters derived from the surface eventually overcomes the low-pH signal of intermediate
waters (Figure 5c). For this reason, the most pronounced decreases in deep pH are seen when the onset
of deep convection is rapid and relatively focused to a small area (Figures 6a–6c). In these experiments, the
low-pH signal of intermediate waters is propagated to depth before it can be substantially diluted by mixing
with high-pH surface water. Although an increase in salinity is likely to occur over a relatively large area
[e.g., Okazaki et al., 2010], convective mixing is, in reality, a relatively localized process [Marshall and Schott,
1999], so it is difﬁcult to assess which of these forcings is most realistic.
Figure 6. Earth system modeling results under (a–e) different salinity forcings and (f–g) boundary conditions. Top panel shows location of salinity addition, with
shading in Figure 6e indicating varying magnitudes of salinity addition. pH and Δ14C anomalies are shown after 500 years of salinity forcing equivalent to 0.5 Sv
freshwater removal; the changes observed during HS1 in our δ11B and Δ14C data are indicated by the shading of the star. Sections andmaps shown are of the closest
longitude (155°W) and depth (3894m) slices to our core. Lower panel shows time series of model results (thin lines) and early HS1 data (bold lines with symbols) for
changes in atmospheric CO2 [Monnin et al., 2001; Lourantou et al., 2010; Lemieux-Dudon et al., 2010] and its δ
13C [Schmitt et al., 2012] and Δ14C [Southon et al., 2012]
composition. Time series model results are displayed for continuous salinity forcing equivalent to0.1,0.3,0.5, and0.7 Sv freshwater removal (with the largest
changes corresponding to the largest forcing). Glacial boundary condition experiments include model base states with increased ventilation of North Paciﬁc inter-
mediate waters (f ) and saltier deep waters (g), plus reduced radiative forcing, increased albedo, and increased whole ocean salinity.
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An increase in Δ14C and decrease in pH at the depth of our core are also seen in our experiments using glacial
boundary conditions (Figures 5c and 6f–6g). The simulation with increased salinity in deep waters (Figure 6g)
shows the largest change in Δ14C, as this experiment has the largest initial gradients in Δ14C between the
deep ocean and the atmosphere. In contrast, the decrease in pH is somewhat muted in this experiment, as
the rapid penetration of newly formed deep waters to depth is inhibited by the presence of saltier bottom
waters, and so more mixing between high-pH surface waters and low-pH intermediate waters occurs. In the
simulation with better ventilated North Paciﬁc intermediate waters (Figure 6f), we also see a slightly muted
pH decrease, due to a reduction in the initial size and intensity of the intermediate-depth low-pH zone.
However, this is in part compensated by a more rapid onset of deep water formation from this better
ventilated base state.
Our modeling experiments thus conﬁrm that local deep water formation in the North Paciﬁc is a viable
explanation for the HS1 excursions in our 14C and δ11B data, and show that this result is robust across a range
of forcing styles and initial model base states.
5.3. Related Proxy Records from the Deglacial North Paciﬁc
5.3.1. Ventilation Records
Although ventilation to depths >2700m has not previously been reconstructed in the North Paciﬁc during
the deglaciation, deep water formation during HS1 is nonetheless consistent with regional proxy records
(Figures 3 and 4, S5). For instance, our benthic radiocarbon data are in good agreement with those from
adjacent ODP core 887 [Galbraith et al., 2007], but this earlier record misses the HS1 ventilation event due to
lack of samples in the critical interval (orange diamonds in Figures 3 and 4, S5). At shallower depths (978–
2700m), an increase in intermediate water ventilation is seen in several radiocarbon records in the NW Paciﬁc
[Okazaki et al., 2010] during the whole of HS1 (~19–14.7 ka; green circles in Figures 4 and S5) and is also seen
in redox records from intermediate depths of the NE Paciﬁc [Hendy and Pedersen, 2005]. We note that these
intermediate-depth 14C records show little further younging during the 17.3–16.0 ka interval of deep water
formation in mid HS1, as they are already young and well-ventilated (Figures 4 and S5). Themost pronounced
signal of younging on deep water formation is observed at our deep high-latitude core site, as these waters
were extremely old prior to the deep water formation event, and are close to the high-latitude regions where
deepwater is likely to form. Lund et al. [2011a, 2011b] record from 2710m on the OregonMargin lies between
these two scenarios, showing a small and gradual younging between 17.3 and 15.6 ka (purple triangles in
Figure S5). This may be explained by the fact that waters at this site are quite old prior to the deep water
formation event, but lie farther away from the high-latitude formation regions and the likely deep western
boundary ﬂow path of NPDW (see Figure 6 and Okazaki et al. [2010]).
Comparison of the high-latitude North Paciﬁc 14C records (benthic 14C data from the Oregon Margin [Lund
et al., 2011b] and the NW Paciﬁc [Okazaki et al., 2010], and benthic and planktic 14C data from our core), shows
that regional 14C gradients collapse from a spread of ~1700 14C years or 250‰ at the LGM to a range of only
~500 14C years or 60‰ during mid HS1 (Figures 4 and S5). This convergence is in contrast to a spread of
~1650 years or 150‰ in the modern North Paciﬁc and is more typical of the modern North Atlantic [Key et al.,
2004], providing further support for breakdown of stratiﬁcation at high latitudes and local ventilation of deep
waters. Furthermore, waters at ~1800m in the South China Sea, on the likely ﬂow path of a North Paciﬁc
western boundary current, show signiﬁcant younging during HS1 (Site 17940 in Sarnthein et al. [2013]), and
there is also some evidence for contemporaneous younging at 2800m in the Western Equatorial Paciﬁc
[Broecker et al., 2008].
Recently, sediment core uranium content has been used to argue that post-glacial reventilation of the North
Paciﬁc did not occur until the BA [Jaccard and Galbraith, 2013]. However, authigenic uranium is not a direct
proxy for ventilation and may respond to a variety of factors related to sedimentary redox conditions at
various times [Zheng et al., 2002; McManus et al., 2005]. For instance, given a low redox state in deep North
Paciﬁc sediment prior to HS1, the 1200 year ventilation event we infer may cause only limited re-oxygenation
of the sediment column, and any signal of this may be masked by re-precipitation of authigenic uranium
following the return of poorly ventilated deep waters at ~16 ka. Furthermore, the regional pulse of organic
carbon burial during the BA [Kohfeld and Chase, 2011] has the potential to create a sedimentary redox front
[Mangini et al., 2001], complicating interpretation of authigenic uranium in the underlying sediments.
Although we agree that re-ventilation of the North Paciﬁc from far-ﬁeld sources did occur during the BA
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[Galbraith et al., 2007] (Figure 3), our data suggest that there was also a pulse of local deep water formation
during HS1, and this is unlikely to be recorded by authigenic uranium.
5.3.2. Surface Water Signals
Additional signals of surface water stratiﬁcation breakdown have been recorded in the North Paciﬁc during HS1
but not previously linked to the process of deep water formation. δ15N data fromODP 887 (Figure 4c) [Galbraith
et al., 2008] show a broad negative excursion between ~18 and 14.7 ka, with a further decrease around 17ka,
indicating reduced nutrient utilization and reduced denitriﬁcation. Similar signals are also seen in δ15N records
in the NW Paciﬁc [Brunelle et al., 2010] and are consistent with decreased stratiﬁcation in surface waters and
increased ventilation of intermediate waters. Reduced surface stratiﬁcation is also reﬂected in planktic 14C
reservoir ages from our core (Figure 4d), which show an aging at ~17 ka, due to upwelling of old deep waters,
and then a younging, as these old waters are replaced by younger surface waters from the south. Finally,
warming is observed in a variety of surface temperature proxy records in the North Paciﬁc [Seki et al., 2002; Kiefer
and Kienast, 2005; Gebhardt et al., 2008; Pak et al., 2012; McClymont et al., 2012], superimposed on the general
cooling of HS1 (Figure 4b—the “Atlantic-Paciﬁc seesaw”) [Saenko et al., 2004], as would be expected fromNorth
Paciﬁc overturning drawing warm subtropical waters northward. Indeed, this seesaw of Atlantic and Paciﬁc
temperature changesmay explain the regional differences in Greenland ice core δ18O at this time (e.g., NGRIP in
the north vs. GISP2 and GRIP in central Greenland; Figure 3a), given the greater proportion of North Paciﬁc
moisture at the more northerly sites [Langen and Vinther, 2009].
5.3.3. Productivity and Carbonate Preservation
Our δ11B and 14C data, and new interpretation of the deglacial ventilation of the North Paciﬁc, offer an
opportunity to re-evaluate the causes of deglacial productivity and CaCO3 changes in this region. The major
feature of deglacial North Paciﬁc productivity proxy records is a pulse of export production during the BA
(Figures 7d, 7e, and Kohfeld and Chase [2011]), at a time of relative stratiﬁcation of the upper water column
(Figures 4, 7a, 7b). In contrast, there is little change in productivity over the interval of inferred deep water
formation in HS1 (Figures 7d, 7e and Kohfeld and Chase [2011]). This may be explained by the fact that
productivity in the North Paciﬁc is strongly limited by light and micronutrients [Obata et al., 1996; Boyd et al.,
2007], and by consideration of likely deglacial changes in major nutrient supply.
During HS1, increased intermediate water ventilation and input of nutrient-poor subtropical waters will
reduce major nutrient concentrations in the subsurface North Paciﬁc [Keigwin, 1998; Okazaki et al., 2010].
Thus, although reduced stratiﬁcation will bring more subsurface waters into the euphotic zone, these waters
will have reduced nutrient contents. Furthermore, an increase in mixed layer depths will reduce the efﬁciency
of phytoplankton productivity, due to light limitation [Sverdrup, 1953]. In contrast during the BA, stratiﬁcation
of surface waters will alleviate light limitation, while reduced intermediate water ventilation may allow
subsurface nutrient concentrations to increase [Keigwin, 1998]. Under these conditions, wind-driven winter
mixing may tap into a potent, shallow nutricline, while rapid springtime re-stratiﬁcation of these warm, fresh
waters [Keigwin et al., 1992] will promote a pronounced spring bloom, giving the pulse of export production
recorded in BA sediments [Kohfeld and Chase, 2011]. The importance of light limitation was also recently
highlighted by Lam et al. [2013], who demonstrated that the BA productivity spike was not associated with
changes in iron input (Figure 7c). These authors also show that iron input to the North Paciﬁc was signiﬁcantly
reduced following the deglaciation, which explains the fact that productivity is lower in the Holocene than
the BA, despite similarly stratiﬁed conditions.
Sedimentary CaCO3 content shows a minimum in the deep North Paciﬁc during HS1 (Figures 7f, 7g)
[Gebhardt et al., 2008; Galbraith et al., 2007], consistent with the decrease in deep water pH recorded by our
δ11B data (Figure 7h). This is followed by a spike in CaCO3 content during the BA. Our δ
11B data indicate that
deep water pH at the BA was not signiﬁcantly higher than during the LGM, so this CaCO3 spike cannot be
primarily controlled by bottom water saturation state [c.f. Jaccard et al., 2005] (note that CaCO3 saturation
and pH are tightly coupled at any given site). Instead, the BA peak in CaCO3 is likely the result of the productivity
pulse at the BA, which both increases the ﬂux of CaCO3 into sediments (shown with
230Th normalization
by Jaccard et al. [2009], Kohfeld and Chase [2011], and Lam et al. [2013]) and also causes improved
preservation, via rapid burial of CaCO3 due to high sedimentation rates (Figure 7i). Note the lack of correspondence
between δ11B and carbonate preservation during the YD, which can be explained by the reduced sensitivity
of sedimentary CaCO3 changes to bottom water carbonate ion saturation under increased absolute CaCO3
contents [Broecker and Peng, 1982].
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Figure 7. Deglacial productivity and carbonate preservation. (a) Benthic-planktic 14C offsets from intermediate depths of
the NW Paciﬁc [Okazaki et al., 2010]. Dashed line is a three-point running mean. (b) 14C age difference between planktic
foraminifera from MD02-2489 (this study) and the contemporaneous atmosphere. (c) Soluble iron ﬂux to the NW Paciﬁc,
based on detrital ﬂux measurements from Lam et al. [2013]. Uncertainties are 2 σ. (d) Chlorophyll pigment content from
MD02-2489 (brown crosses) [Gebhardt et al., 2008]. (e) Opal weight percent from MD02-2489 (ﬁlled turquoise circles)
[Gebhardt et al., 2008] and ODP 887 (open blue circles) [Galbraith et al., 2007]. (f ) CaCO3 weight percent from MD02-2489
(ﬁlled yellow squares) [Gebhardt et al., 2008] and ODP 887 (open orange squares) [Galbraith et al., 2007]. ODP 887 records
are shown on the age model in Figure S4. (g) Calcium intensity from XRF core scan of MD02-2489 [Gebhardt et al., 2008],
shown on a logarithmic scale. (h) δ11B record from benthic foraminifera fromMD02-2489 (this study). (i) Sedimentation rate
from MD02-2489 (δ18O-based age model in this study).
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5.4. Driving Mechanisms
The onset of deep convection in the
North Paciﬁc, as hypothesized from our
records, requires an increase in sea
surface salinity [Warren, 1983; Boyle and
Keigwin, 1987; Talley, 1991; Emile-Geay
et al., 2003; Gebhardt et al., 2008].
Possible drivers include: (1) a decrease in
the intensity of the East Asian monsoon
[Wang et al., 1999; Wang et al., 2001];
(2) a southward shift of the Westerly
storm track [Allen and Anderson, 1993;
McGee et al., 2012; Polyak et al., 2012];
(3) a southward shift in the trade winds
and Intertropical Convergence Zone
(ITCZ) [Leduc et al., 2007; Pahnke et al.,
2007]; and (4) oceanic salinity feedbacks,
in response to reduced North Atlantic
Deep Water formation [Saenko et al.,
2004]. The occurrence of such conditions
during HS1 is supported by a variety of
data sets (Figures 4 and 8 and Broecker
and Putnam [2012]), as well as coupled
climate model results, which commonly
exhibit reduced precipitation relative to
evaporation, and increased North Paciﬁc
ventilation, in response to cold HS1
conditions and reduced NADW
formation in the North Atlantic [Stocker
et al., 1992; Saenko et al., 2004;
Timmermann et al., 2005; Krebs and
Timmermann, 2007; Eisenman et al., 2009;
Okazaki et al., 2010; Chikamoto et al.,
2012]. North Paciﬁc deep water
formation is also aided by a closed
Bering Strait during HS1 [Hu et al., 2012]
and may be further preconditioned by
the presence of warm salty waters at
depth, overlain by cold fresh waters; the
mixing of these waters allows release of
potential energy via thermobaricity
[Adkins et al., 2005]. We suggest that, in
response to reduced freshwater ﬂux at
the start of the stadial (~19 ka), increased
ventilation begins at intermediate
depths in the NW Paciﬁc [Okazaki et al.,
2010] (Figure 4e). This may prime the
region for the pulse of deep water
formation we observe at 17.3–16.0 ka, by
drawing in high salinity waters from
lower latitudes [Stommel, 1961]. Deep
water formation may then occur as a
threshold response to continued salinity
forcing, or may be triggered by a further
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running mean of the compilation of Okazaki et al. [2010]).
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decrease in East AsianMonsoon intensity [Wang et al., 2001] and a southward shift in theWesterlies [Allen and
Anderson, 1993; McGee et al., 2012; Polyak et al., 2012], as observed during this interval (Figures 4c and 4d).
5.5. Deglacial CO2 Rise
The inferred North Paciﬁc deep water formation event at 17.3–16.0 ka occurs at the same time as the ﬁrst
major rise in atmospheric CO2 during the deglaciation (Figure 3) [Monnin et al., 2001; Lourantou et al., 2010;
Lemieux-Dudon et al., 2010]. Our modeling experiments show an atmospheric CO2 rise of ~30 ppm associated
with stratiﬁcation breakdown in the North Paciﬁc, very similar to the magnitude of the CO2 rise recorded in
ice core records at this time (Figures 5 and 6). This results from the exposure of carbon-rich deep waters to the
surface in a region of low biological pump efﬁciency, leaking CO2 from the deep ocean to the atmosphere
(Figure 9). Associated with the rise of CO2 in the model is a decline in the δ
13C of atmospheric CO2 of ~0.35‰,
and a drop in atmospheric Δ14C of ~50‰, which are also in line with available data [Schmitt et al., 2012;
Reimer et al., 2009; Southon et al., 2012] (Figures 5 and 6).
Signiﬁcant CO2 rise, δ
13C fall, and Δ14C fall are seen in response to North Paciﬁc deep water formation across
the range of forcing styles and boundary conditions we examine (Figure 6). The largest changes are seen in
the experiments with the largest magnitudes of salinity forcing, as this causes deeper and more vigorous
deep water formation, more effectively releasing CO2 from the deep ocean to the atmosphere. In our
experiments using glacial boundary conditions, changes in CO2, δ
13C, and Δ14C are muted when relatively
small salinity forcings are applied. This is because better ventilated intermediate waters (Figure 6f) mean that
less DIC is initially stored at mid depths of the North Paciﬁc, while denser deep waters (Figure 6g) inhibit the
exposure of DIC stored in the abyssal North Paciﬁc. When local mixing does penetrate the abyssal waters
(under increased salinity forcing), the changes in atmospheric CO2, δ
13C, and Δ14C in these glacial-type
experiments (Figures 6f–6g) are similar to those under modern boundary conditions (Figure 6c).
Our experiments show a signiﬁcant drop in atmospheric Δ14C during this ﬁrst period of the “mystery interval”
[Broecker and Barker, 2007]. This is most pronounced in the simulations with salty bottom waters, as these
have the largest initial gradient between old deep waters and the atmosphere. However, our results also
illustrate that a signiﬁcant drop in atmospheric Δ14C is possible without the presence of an extremely old
(>5000 14C yr) deep ocean carbon reservoir [Broecker et al., 2008], as previously suggested by Burke and
Robinson [2012].
Deepwater formation in theNorth Paciﬁcmay thus account for a signiﬁcant rise in CO2 during early deglaciation.
Although the exact timing and magnitude of this CO2 rise will depend on other regions and processes, the
previously stratiﬁed nature of the North Paciﬁc, with old, DIC-rich waters at depth, makes it a sensitive region
young, low pH
Holocene
LGM
old, ALK & DIC rich,
relatively high pH
CO2
HS1
YD?
Figure 9. Cartoon of CO2 storage and release in the North Paciﬁc. During periods of stratiﬁcation, a large volume of low pH
water accumulates at intermediate depths, and old waters rich in alkalinity and DIC, and with relatively high pH, accumulate
in the deep ocean. With reduced atmospheric freshwater ﬂux, stratiﬁcation breaks down and deep convective mixing
occurs. This mixing causes a decrease in benthic-planktic 14C offsets and a decrease in pH at our core site, and release of
CO2 from the deep ocean to the atmosphere.
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from which to drive some portion of atmospheric CO2, δ
13C, and Δ14C change. However, despite the North
Paciﬁc’s likely contribution to the initial deglacial CO2 rise, other mechanisms must also operate to cause
continued CO2 increase, and to maintain CO2 differences between glacials and long-lived interglacials such as
the Holocene. Upon restratiﬁcation to a state similar to the modern (by removal of the salinity forcing in our
modeling experiments), the atmospheric CO2 anomaly decreases as DIC re-accumulates in the deep Paciﬁc,
reaching pre-excursion values within a few thousand years. Although some portion of this CO2 drawdown may
be countered by carbonate compensation [Broecker and Peng, 1987], it is likely that other mechanisms, such as
changes in iron fertilization [Martínez-Garcia et al., 2009] and destratiﬁcation in the Southern Ocean [Toggweiler
et al., 2006; Anderson et al., 2009; Burke and Robinson, 2012], must also operate to offset this CO2 fall and to
achieve the full observed deglacial CO2 rise. Rather than maintaining a steady-state difference in CO2 between
glacial and interglacial periods, we suggest that stratiﬁcation breakdown in the North Paciﬁcmay act as a release
mechanism for some portion of the carbon stored in the deep ocean during glacial periods.
6. Conclusions
Our deglacial radiocarbon and boron isotope records provide the ﬁrst evidence of local deep water formation
to 3600m in the North Paciﬁc. This process is reﬂected in a dramatic younging in benthic-planktic 14C offsets,
which reach ~350 years, and a decrease in δ11B, as low-pH waters from intermediate depths are mixed into
the deep ocean. Although deep water formation to this depth has not previously been reconstructed in the
North Paciﬁc, it is supported by a range of regional proxy records. These include a collapse in regional 14C
gradients [Galbraith et al., 2007; Okazaki et al., 2010; Lund et al., 2011a, 2011b; Sarnthein et al., 2013], reduced
surface water stratiﬁcation in δ15N data [e.g., Brunelle et al., 2010], and a regional warming [e.g., Kiefer and
Kienast, 2005].
The ability of North Paciﬁc deep water formation to explain our 14C and δ11B data is supported by our
experiments with an Earth system model. Across a range of forcing styles and boundary conditions,
breakdown of stratiﬁcation causes a younging in 14C and a decrease in pH at the depth of our core site. These
experiments also demonstrate the transient nature of signals of deep water formation in a previously
stratiﬁed basin: deep ocean pH initially decreases, due to input of low-pH waters from intermediate depths,
and then increases, as these waters are replaced by higher pH waters from the surface ocean. Destratiﬁcation
does not give signals that are instantly analogous to modern deep water formation, and this should be
considered when interpreting deglacial proxy data.
Our posited North Paciﬁc deep water formation event occurs during Heinrich Stadial 1, at a time of reduced
North Atlantic deep water formation and cold stadial conditions in the North Atlantic [Sarnthein et al., 2001].
This supports the concept of an Atlantic-Paciﬁc seesaw of deep water formation and associated climate
change [Saenko et al., 2004]. Deep water formation in the North Paciﬁc requires an increase in sea surface
salinity [Emile-Geay et al., 2003], which was likely driven by a reorganization of major rain belts in response to
stadial conditions [Broecker and Putnam, 2012]. A southward shift of the Westerly storm track [Polyak et al.,
2012], reduced Atlantic to Paciﬁc freshwater transport in the tropics [Leduc et al., 2007], and a subdued East
Asian Monsoon [Wang et al., 1999] may all have played a role, alongside oceanic salinity feedbacks [Krebs and
Timmermann, 2007]. This highlights the importance of atmospheric freshwater ﬂux in controlling deep water
formation [Eisenman et al., 2009].
Deep water formation in the North Paciﬁc causes signiﬁcant atmospheric CO2 rise, and a drop in atmospheric
δ13C and Δ14C in our model, in line with atmospheric records over this period of the early deglaciation
[Monnin et al., 2001; Schmitt et al., 2012; Southon et al., 2012]. However, upon restratiﬁcation, CO2 values
return toward pre-excursion values in a few thousand years. Therefore, although North Paciﬁc deep water
formation may act as a release mechanism for some portion of a deep ocean CO2 store, other mechanisms—
likely involving the Southern Ocean—must also operate to cause continued atmospheric CO2 rise.
Despite the ability of North Paciﬁc deep water formation to explain our 14C and δ11B data, our hypothesis
requires further testing. In particular, our key data are obtained from a single core, and the boron isotope data
are sparse during the key interval. Although there is regional support for breakdown of stratiﬁcation in
shallower waters at this time [Okazaki et al., 2010; Brunelle et al., 2010], this does not provide direct evidence
for deep water formation. To further test our hypothesis, more data from deep ocean cores, with high-
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enough resolution to capture a ~1200 year-long event, are required. We also encourage further modeling
efforts, with higher spatial resolution and different parameterizations of deep water formation, to investigate
the impact of NPDW formation on paleoceanographic tracers and atmospheric CO2.
Finally, we note that CO2 rise during each of the last four deglaciations is associated with a Heinrich Stadial
and a pronounced weak monsoon event similar to those seen during HS1 [Cheng et al., 2009], and we
speculate that part of each of these deglacial CO2 rises may be driven by the mechanism described here
[Gebhardt et al., 2008]. North Paciﬁc ventilation may thus provide an important feedback on the orbital and
millennial-scale triggers of glacial terminations, with the associated CO2 release helping to warm the planet
and contribute to a full deglaciation. Overall, our work demonstrates a previously unidentiﬁed but important
role for deep water formation in the North Paciﬁc in deglacial CO2 rise and climate variability, and highlights
the fundamental inﬂuence of polar ocean stratiﬁcation versus deep mixing on glacial-interglacial
climate change.
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